The response of an ocean general circulation model to the onset of deep-water formation in the North Atlantic Ocean is explored. The processes of baroclinic adjustment to the new deep water mass and the advection of the new deep water mass are compared in both space and time. The baroclinic adjustment is gauged by following the anomalies in the 0-2000 dbar layer thickness and the advection is measured with the aid of idealized passive tracers. Baroclinic adjustment follows the classical boundary layer path and all locations north of the Antarctic Circumpolar Current begin to feel the effects within 20 years. Heat transport in the North Atlantic responds on the adjustment timescale. Advection does not follow the boundary layer path and is much slower: the timescale for NADW to reach the North Pacific Ocean is on the order of 1000 years. While the baroclinic signal is much faster, the initial response is much smaller and probably could not be detected over the random noise in the pressure field outside of the Atlantic basin. Both processes weaken as they move farther from the forcing region.
Introduction
The observational evidence ( 13 C, 14 C, and 18 O, from deep-sea sediments and ice cores) indicates that atmospheric conditions over Greenland and water masses in the abyssal Atlantic Ocean have undergone dramatic changes in structure over the last few glacial cycles (Roemmich and Wunsch 1984; Boyle and Keigwin 1987; Bond et al. 1993; Duplessy et al. 1988 ). These changes have been linked to variability in the thermohaline circulation (THC) (Broecker et al. 1985; Gordon 1986; Broecker 1991) . Observations of convection in the Greenland-Iceland-Norwegian (GIN) and Labrador Seas have shown it to be quite unsteady over short time periods (Dickson et al. 1996; Marshall et al. 1998) , and observations of the variability in the total production and outflow of North Atlantic Deep Water (NADW), which results from this convection, are patchy at best (Dickson et al. 1990; Dickson and Brown 1994; Bacon 1998; Dickson et al. 1999) . Severinghaus et al. (1998) reported that ice cores from Greenland show that local air temperatures rose by as much as 5Њ-10ЊC in ''several decades or less'' during the warming at the end of the Younger Dryas cold period (ϳ12 kyr). It has been suggested that the cause of this rapid warming was the reinitiation of convection in the North Atlantic, the renewed production of NADW, and the increased northward heat transport that accompanies it (Broecker and Denton 1989) .
The THC has been likened to a vast, yet slow moving, conveyor belt (Broecker 1987) , which gives the impression that changes in one region can only affect other regions on the 1000-yr advective timescale. It would seem, however, that rapid change in the production rate of NADW is inconsistent with the implications of the conveyor belt metaphor. In order to better understand this apparent conflict, this study will compare the processes of adjustment and advection in an OGCM in response to the onset of NADW production. This is the most recent in a hierarchy of model simulations designed to study the oceanic baroclinic adjustment process in response to a lower-layer mass source. Stommel and Arons (1960a, SA hereafter) examined the structure of the deep circulation using a simple, two-layer model in which uniform upwelling of the layer interface balanced the mass source. Uniform upwelling is unrealistic, however, and Kawase (1987) parameterized the upwelling as a damping term in the continuity equation, which led to a much better simulation of the observed oceanic structure. Kawase addressed the basic questions of baroclinic adjustment and spinup of the velocity field in a two-layer, sector model, and described the boundary layer pathway taken by the initial adjustment wave: equatorward on the western boundary, eastward at the equator, and poleward on the eastern boundary (see Fig. 1 ), a cyclonic sense in both VOLUME 
J O U R N A L O F P H Y S I C A L O C E A N O G R A P H Y FIG. 1. The model domain is unshaded and the contour line is the global sea level.
The bottom is at 5000 m except in the hatched areas where the depth is noted. The arrows and letters indicate segments of the boundary layer path taken by the adjustment that will be referred to in the text. The locations for each segment are given in Table 1. hemispheres with the wall to the right (left) of the signal's motion in the Northern (Southern) Hemisphere. Kawase also reported a relatively rapid approach to the new steady state. Suginohara and Fukasawa (1988) confirmed Kawase's results in a six-layer model. Döscher et al. (1994, DBH hereafter) examined the spinup question in a 30-layer, single-hemisphere, one-basin model with topography, and described a decadal response time to an instantaneous change in the boundary condition. DBH, however, did not explore the global effects of the adjustment to the onset of NADW.
This study is a quasi-continuously stratified (20 layer) analog of these previous studies in a realistic global domain. As with DBH, an OGCM is used to explore the transient response to the initiation of deep-water formation in the presence of a background circulation, but the global domain will permit an analysis of the global response. In addition to an analysis of the baroclinic adjustment, the distinction between adjustment and advection, in terms of timescales and spatial patterns, will be explored with the help of passive tracers. The various climatically important aspects of the THC react on one or the other of these timescales and the distinction is crucial for understanding the potential response to increased greenhouse forcing.
It is found that the model does not allow an instantaneous change in the convectively driven mass flux. Although the surface salinity approaches it's equilibrium value within 1-2 yr, the overturning takes several decades to reach approximate equilibrium. The northward heat transport in the Atlantic increases with the overturning on the adjustment timescale and continues to increase for about a decade after the overturning has leveled off. The ocean basins north of Drake Passage are connected via boundary layer paths; all locations begin to respond to the change in the stratification caused by NADW formation within 20 yr. The initial changes associated with the baroclinic adjustment are small, probably under the threshold of current detection limits outside of the Atlantic basin as they weaken as they progress farther from the forcing region.
The pattern of advection is fundamentally different from the adjustment pattern and the North Pacific does not receive measurable quantities of advected material from the North Atlantic for almost 1000 years, consistent with the 14 C-derived ages of the water there (Andrée et al. 1986 ). The Drake Passage effect (Gill and Bryan 1971; Toggweiler and Samuels 1995) isolates the highlatitude Southern Ocean; the ACC transport only changes in response to NADW production as the density gradient across the current does, on the order of centuries.
In the following analysis: section 2 describes the model and the passive tracers employed. Section 3 describes the fast part of the baroclinic adjustment, both spatial and temporal, during the Spinup experiment; presents time series of the transport changes at key locations
along the supposed path of the conveyor belt, and compares the model's steady-state response to analytical results. Section 4 examines the difference between the adjustment and advection in the model and section 5 includes a summary and discussion.
The model
These experiments were performed with the Modular Ocean Model (MOM1.0) from the Geophysical Fluid Dynamics Laboratory (Pacanowski et al. 1991) . The grid resolution is 4Њ by 4Њ, and there are 20 levels of increasing depth from 50 m at the surface to 449 m at the bottom, 5000 m in total. The global coastline was interpolated onto the model grid, and the bottom is flat everywhere, except in Drake Passage, the marginal polar Atlantic seas, and the Indonesian archipelago. The bathymetry and sill depths at these locations are indicated in Fig. 1 .
This study examines the transition between the two steady states discussed in Goodman (1998) . The model is forced by restoring boundary conditions on both temperature and salinity, taken from the 30-m level of the Levitus and Boyer (1994) and Levitus et al. (1994) climatology. All forcing is annually averaged; there is no seasonal cycle imposed in the model. The restoring boundary conditions used here are the 1D zonal averages for each individual basin north of 40ЊS, and the 1D global zonal average south of there. The global average is used over the Southern Ocean since the mixing there is large and the properties are fairly uniform, especially given the model resolution and idealized bathymetry. As in Goodman (1998) , the restoring salinity near Antarctica is smoothly increased from climatology at 60ЊS to 35 psu at the southern extreme. To differentiate the forcing between the Labrador and GIN Seas, the Labrador Sea restoring values are reduced by 5ЊC and 1.5 psu, roughly equal to the observed differences. A comparison experiment in which the model was restored to the 2D fields (at 30 m) from Levitus and Boyer (1994) and Levitus et al. (1994) was run, and again, the results presented here did not depend on the nature of the background forcing.
The initial state for the Spinup experiment is the steady state of the No-NADW run discussed in G98. A negative 1-psu anomaly is added to the restoring boundary condition on salinity over the North Atlantic, north of 40ЊN. This imposes a halocline and severely restricts the formation of NADW. The model is then spun up to a steady state (ϳ8000 years), after which the globally averaged temperature and salinity are changing by less than 0.001 per 1000 yr. The salinity anomaly is removed at the start of the experiment and the model progresses toward the steady state with NADW. It must be noted that the globally averaged salinity at steady state in the No-NADW experiment is different from that in the NADW experiment due to the different restoring boundary conditions. As a result, there is an upward trend in the global salinity during the Spinup experiment, which is manifest as a globally integrated, nonzero freshwater flux. This flux averages about 0.5 Sv (Sv ϵ 10 6 m 3 s Ϫ1 ) for the first 20 yr of the experiment, which is equivalent to lowering the global sea level by 67 cm in that time.
The zonal momentum forcing is taken from the zonally and annually averaged wind stress of Hellerman and Rosenstein (1983) , applied uniformly at all longitudes. There is no meridional momentum forcing. The model employs no-slip boundary conditions at the walls, free-slip conditions at the bottom, and horizontal and vertical mixing (not isopycnal) including a vertically varying vertical diffusivity, with the same values as in G98.
In order to compare the differences between the wave adjustment due to a deep water source and advection of the deep water mass, a passive water mass tracer that was used by Cox (1989) and Stocker et al. (1992) was incorporated into the model. Water mass tracers are akin to colored dyes (and will occasionally be referred to as colors), which tag the water at the surface and are then advected with the current. For a parcel at the surface, the local color is restored to 100% on the same timescale [ ϭ (50 day) Ϫ1 ] as the temperature and salinity. When the parcel returns to the surface in a different area, the new color is added and the others are removed. If the entire surface area is divided into nonoverlapping regions, then at equilibrium, the sum of all the tracer fractions in any water parcel is 1. If part of the ocean's surface is not included in any of the specified tracer regions, then the uncolored fraction represents contact with this area.
Water mass tracers can be used in two different ways: as noted above, when the colors are included in the spinup phase of model run, they indicate the fraction of water at any location from each of the surface regions and can be compared to observations of tracer properties for the relevant water mass; when the tracers are added at a later time, they indicate where the surface water from the region has penetrated. Both types of experiments have been realized and results will be described as needed.
Spinup experiment: Baroclinic adjustment
Starting with the steady state of the No-NADW experiment, the internal clock is reset to 1 January, year 0 and the model is restarted, still with the anomalous forcing. On the first day of year 5, the artificial freshening is removed from the restoring boundary condition. The restoring time constant for the salinity forcing is (50 days) Ϫ1 , so the North Atlantic surface salinity rises quickly: 75% of the total change occurs within the first four months (Fig. 2a, solid line) . The additional salinity destabilizes the water column; convection increases rapidly in both depth and areal extent, and mass is added to the lower ocean (Fig. 2b, solid line) .
The dashed curves in Figs. 2a-c are the results of a VOLUME 31 parallel experiment: instead of adding a freshwater anomaly to the boundary condition, convection was suppressed north of 40ЊN in the Atlantic. This eliminates the formation of NADW at the cost of allowing an unrealistic, locally unstable stratification. Convection is then permitted at year 5, and the model responds immediately since the stratification is already unstable. Other than some minor differences in the Atlantic, both runs follow the same sequence of events as NADW production begins.
a. Theory
The transient baroclinic response to a lower-layer mass source has been examined in numerous studies (SA; Kawase 1987; Suginohara and Fukasawa 1988; DBH) . In all of these studies, a mass source into the lower layer is initiated through the boundary condition and continuity ensures that the response provides a mass sink and therefore upwelling. After the initiation of the mass source, a ''signal'' is created consisting of upwelling through the ''interface,'' flow toward the source region in the ''upper layer,'' and flow away from the source region in the ''lower layer.'' The signal propagates away from the forcing region as a series of coastal and equatorial Kelvin waves, initially heading west until it hits the boundary and then in a cyclonic sense with the wall on the right (left) of the signal's motion in the Northern (Southern) Hemisphere. The path is indicated by the lettered segments A-J in Fig. 1 . Arriving at the eastern boundary of an ocean basin, the signal splits (not shown) and heads poleward in both hemispheres.
After the signal crosses the Indian basin (segment E), there are two possible paths on which the signal can progress, either through the Indonesian archipelago or around Australia. While this latter route is the one preferred by this model configuration, the real bathymetry around Indonesia includes many deep, but narrow, channels that may allow a large signal to pass through, although the narrowness of the channels may increase the local dissipation and thus reduce the signal's amplitude. This model has a wide and shallow (12Њ and 675 m) Indonesian passage, typical of coarse resolution models (England 1993; Hirst and Godfrey 1993) .
Once the boundary currents are set up in the wake of the initial wave, long Rossby waves are formed along the eastern boundary that propagate into the interior. Kawase (1987) determined that the structure of the response depended on a nondimensional parameter (␦), the ratio of the damping timescale to the transit time for long Rossby waves to cross the basin. For a continuously stratified ocean:
where N is the buoyancy frequency, A is the vertical viscosity, L B is the width of the basin, and m is the vertical wavenumber. Under strong damping (␦ K 1), the lower-layer response is confined to the boundaries (coastal and equatorial). For weak damping (␦ k 1), the Rossby waves flow freely into the basin and allow the entire area to participate in the upwelling, approximating the SA solution. The vertical wavenumber (m) is proportional to the baroclinic mode number; ␦ for the higher-order modes decreases as m 4 , implying that these higher-order modes are strongly damped and confined to the boundaries. For this experiment, ␦ ϳ O(250) for the first baroclinic mode and is thus in the weakly damped regime (see Figs. 4 and 5).
b. Model results (the first 40 years)
The increased upwelling due to the baroclinic adjustment leads to changes in the local density profile; the vertical density gradient is negative everywhere, so positive vertical velocity anomalies create positive density anomalies at a given depth. These changes lead to both dynamic height anomalies and changes in the thickness of the layer 0-2000 db (1 db ϭ 10 4 Pa). Accordingly, thickness changes will be used as a marker for the signal's progress.
A plot of the thickness change in the layer 0-2000 db, along the coastal and equatorial boundary path in Fig. 1 , versus time is shown in Fig. 3 (the precise locations of the segments are given in Table 1 ). These thickness anomalies are calculated by determining the change in the depth of the 2000-db surface; the 0-db surface is assumed to be constant. Due to the experimental procedure (i.e., the globally intergrated, nonzero freshwater flux added during the transient phase as the model adjusts to the new restoring boundary condition), the salinity increases steadily at almost all locations, so calculating the depth of the 2000-db surface will include the effects of the increasing salinity as well as the changing heat content. In order to remove this direct salinity effect, the initial salinity in the column is used for the purposes of calculating the density anomaly. The calculated density (and thickness) anomalies, therefore, are only due to the net changes in the heat content of the water column. The differences between the full change in density and that due to temperature alone are small in the early years and do not affect the timing of the anomalies presented in Figs. 3 or 4. The effect of the ''new'' salt on the density is much larger in the North Atlantic than elsewhere, but as will be seen with the passive tracers, it takes many years for this additional salt to be advected to remote locations. In later years, the spatial patterns of the anomalies, including the full salinity change or not, are quite similar although local amplitudes are obviously different.
The Ϫ0.5 mm contour is above the upper bound of the numerical noise in the model, so its arrival is a good indication of the progressing wave. The boundary wave speed for a coastal Kelvin wave traveling meridionally in an OGCM using an Arakawa B grid can be calculated (after Hsieh et al. 1983 ). The mean wave speed of the first baroclinic mode is calculated from the modeled stratification to be about 2.5 m s Ϫ1 and the corresponding numerical boundary wave speed is about 0.23 m s Ϫ1 at roughly 40Њ latitude. The magnitude of the thickness anomaly reaches Ϫ0.5 mm at each location within a few months of the calculated arrival time. DBH noted that the boundary wave speed was significantly faster in their high-resolution simulation, implying that the timescales presented here are likely an upper maximum for the responses in the real ocean.
The apparent discontinuity between panels A and B in Fig. 3 is due to the distance between the sections, as is the offset between panels C and D and panels G and H. The slope of the Ϫ0.5 mm contour in panel J is larger than in the other panels because the greater width of the Pacific basin has been compressed more than in the other panels. There is a weak indication that some of the signal leaks through the Indonesian passage into the equatorial Pacific (from panel E to panel J, above sill depth and not shown), but the majority of the response takes the circum-Australian route. As noted, the sill in the model's Indonesian passage is at 675 m, whereas in the real ocean, there are deep channels between the various islands, which may permit the communication of a larger signal than is seen here.
The signal has reached all locations along the boundary by year 15 (model year 20, Fig. 4 ) and nearly all locations north of the Antarctic Circumpolar Current (ACC) are informed of the change within 20 years (Fig.  5c) . By the third year of the spinup, a curious feature has begun to develop at 30ЊN, 60ЊW (Figs. 5a-c) . The initial response here is a thickness decrease (Fig. 4) , but VOLUME 31 after about 2.5 years the thickness anomaly in this region turns positive. Steepening of the pressure gradient at 2000 db is in agreement with the ''thermal wind'' balance across the boundary current as the baroclinic velocity increases, although the mechanism that causes this increase is unclear. The spatial patterns of the response in the North Pacific and the southern Indian and Pacific basins can be described by the classical wave theory analyses (Cane and Sarachik 1977; Moore and Philander 1976) ; the signal moves quickly along the eastern boundary and then long Rossby waves are shed from there. Note that since the Pacific is entirely bounded in the north, the boundary layer signal heads westward along the northern wall and the signal arrives sooner than at more southward, interior locations. The timing along the edge of the ACC in Fig. 4 is ragged due mainly to the method by which the time of signal's arrival is interpolated and should not be given too much emphasis here, but this region will be described shortly in terms of the similar structure seen in Figs. 5c,d. In Figs. 4 and 5a it seems that some of the signal does travel through the Indonesian straits. The upper part of the baroclinic adjustment is ''pulling'' water toward the North Atlantic, so when the signal arrives at the western edge of the Indonesia, the westward transport through the Indonesian Through flow begins to increase (see Fig. 8a , crosses). Note that in Fig. 5 , the shading indicates the change of the 2000-db surface, which is not present in the model's Indonesia, and the velocity anomalies are averaged between 2000 and 5000 m, so there are no vectors printed in this region. The upwelling part of the signal clearly has to take the long way around Australia before reconnecting with the upper-layer flow in the western Pacific.
The high-latitude Southern Ocean is separated from the northern basins (and the adjustment wave) by the Drake Passage effect (Toggweiler and Samuels 1995) ; the absence of meridional boundaries prohibits the creation of zonal pressure gradients above the level of the bottom topography (2500 m here), which in turn prevents the existence of geostrophically balanced meridional flow above the topography. The Southern Ocean is only affected on the advective and diffusive timescales as the density gradients across it are slowly altered, and this will be discussed more thoroughly in a later section. The zone along the northern edge of the ACC has a distinct structure (Fig. 5d) . Southeast of both Africa (at 45ЊS, 40ЊE) and Australia (at 45ЊS, 170ЊE) the initial responses are positive thickness anomalies. As in the Atlantic (at 30ЊN, 60ЊW), these locations are close to an increasing western boundary current, and the increasing thickness is consistent with the ''thermal wind'' balance across the boundary current. Note that the circulation vectors indicate cyclonic motion around these points, also consistent with a developing low pressure anomaly.
Many studies have discussed the advection of properties from the North Atlantic and have mentioned the 1000-yr advective timescale. Advection in the model will be discussed thoroughly later, but it is worth noting here that adjustment is much faster than advection, especially given that meriodionally traveling Kelvin waves in the midlatitudes are close to an order of magnitude slower in the model than they are in the real ocean. The times given in Fig. 4 are for the arrival of the Ϫ0.5 mm thickness anomaly, which is quite small (but noticeable). After 40 yr (Fig. 5d) , the thickness has decreased by more than 10 mm at nearly all locations, except in the northern Atlantic where the water column becomes significantly warmer and therefore exerts less pressure. The deep western boundary current in the At- lantic basin at year 40 crosses the equator and is very reminiscent of the simulation in SA and the weakly damped cases in Kawase (1987) . Increased overturning in the North Atlantic greatly enhances the poleward heat transport in the basin. Figure  6 shows the change in northward heat transport in petawatts (1 PW ϭ 10 15 W) for the Atlantic as a function of latitude and time. The extra heat flux out of the ocean increases rapidly for the first 40 yr and then levels off (see also Fig. 7c ). At 40ЊN, this flux amounts to an additional 25-30 W m Ϫ2 of heating for the atmosphere over the area of the North Atlantic, and it is likely that the model is underestimating the extra heat transport (Bryan 1987; Böning et al. 1995; Fanning and Weaver 1997) . Without the assistance of a coupled model, it is impossible to tell whether this change can account for the dramatic warming over Greenland of 5Њ-10ЊC in ϳ30 yr during the transition out of the Younger Dryas as is seen in the ice-core record (Severinghaus et al. 1998) . The oceanic response in the coupled model of Manabe and Stouffer (1988) is quite similar to the present study and they reported a steady-state difference in the surface air temperature of 6Њ-10ЊC over the GIN Sea region. Although most of the warming they identify was due to the increased heat transport, they cite additional warming due to 1) the effects of decreased sea ice on the air-sea interaction and 2) the net absorption of incoming solar radiation due to decreased albedo.
c. Time series at significant locations
The ''conveyor belt'' metaphor implies both the slow advective timescale and a one-to-one relationship between changes in the North Atlantic and elsewhere along its supposed path. This section will discuss the evolution of the transport at various locations as the system responds to the North Atlantic overturning. All of the figures in this section will indicate the change in transport at the stated location relative to the initial steadystate circulation (without NADW). Table 2 gives the locations where the time series were recorded.
As shown in Fig. 2 , the surface salinity (Fig. 2a ) and the volume of water mixed by convection (Fig. 2b) increase at an exponential rate, while the overturning circulation (Fig. 2c ) increases more linearly in time. (DWBC: triangles) both trail the increase in overturning (no symbol). This implies that the convectively mixed water is supplied and upwelled locally (north of 28ЊN) at first. The signal's path marks the parts of the ocean that have become involved in the adjustment. For the first 3 yr after the forcing change (between model years 5 and 8), the increased flow in the Gulf Stream is supplied entirely by increased upwelling between 20ЊS and 20ЊN in the Atlantic. Tropical upwelling peaks at 2.4 Sv and then gradually weakens to a value of 1.9 Sv after 100 yr (Fig. 7b) . The long-term differences between the changes to the Gulf Stream transport and the DWBC transport (Fig.  7b) are an artifact; the region over which the transport is calculated is fixed and only captures the core of the DWBC, which deepens slightly over the first century. The barotropic vorticity at this latitude, however, does not change; it is determined solely by the wind stress VOLUME 31
because there is no topography to interact with the baroclinic transport and all northward mass transport in the upper layer must be balanced by a southward transport in the lower layer (Holland 1973; Mertz and Wright 1992) . In the experiments by DBH with topography, they do see changes in the barotropic streamfunction in response to the change in boundary condition (their Fig.  12c ). Nearly two-thirds of the transport in the DWBC at 28ЊN reaches the southern extreme of the basin at 30ЊS and flows into the ACC (circles). The excess heat released to the atmosphere north of 40ЊN over the Atlantic is shown in Fig. 7c ; the Atlantic's extra northward heat transport at 40ЊN attains a maximum of 0.4 PW. The heat transport and release increases linearly with the overturning, but continues to increase for over a decade after the overturning reaches its maximum.
Questions remain about the source of the inflow water needed to balance the export of NADW from the basin, often referred to as the ''warm'' or ''cold'' water route debate (Gordon 1986; Gordon et al. 1992; Rintoul 1991) . As the outflow of NADW across 30ЊS increases (Figs. 8a,b, circles) , transport in the Agulhas Leakage (Figs. 8a,b; squares; defined here as the westward flow in the model above 1000 m, south of Africa) tracks it quite closely: the classical picture of the warm-water route. It must be noted that in nature, the majority of the westward transport in the Agulhas Leakage is likely in the form of baroclinic eddies (Gordon 1986; Gordon et al. 1992 ), which are not resolved in this model. This region, however, is directly in the path of the baroclinic adjustment signal, so it is not surprising that the modeled response there is sizable. In the idealized three-basin domain used in Goodman (1998) , the Agulhas Leakage seemed to account for about half of the inflow, partly as Indian Ocean surface water and partly as Antarctic Intermediate Water (AAIW) that had been slightly modified by a circuit through the Indian Ocean. In this experiment, the Agulhas Leakage transport could replace 65% of the water that flows out of the Atlantic at depth. It should be noted that the ''leaked'' water between the surface and ϳ400 m is entrained into the southward flowing western boundary current, while the water between 400 and 1000 m eventually flows northward across the equator in the Atlantic.
The increased transport in the Agulhas Leakage is initially supplied by increased upwelling in the tropical Indian Ocean, but this upwelling levels off after about a decade while the flow through the Indonesian passage continues to increase. At steady state, the westward Indonesian Throughflow is about 2 Sv stronger when NADW is being formed. The increase in the throughflow is about half of the increase in the Agulhas Leakage, which supports the warm-water route, but also indicates that the leakage water must have an additional source, probably recycled AAIW. The Pacific Ocean upwelling curve is nearly identical to the Indonesian Throughflow curve for the first 15 years; this implies that the increased deep flow into the Pacific is balanced by outflow through the Indonesian passage. After 100 years, there is a greater volume of upwelling in the Pacific than in the Indian Ocean due to the larger area of the Pacific.
d. Model results (steady-state differences)
Cane (1989) solved the steady-state equations for the two-layer model employed by Kawase (1987) , and recently, Huang et al. (2000, HCNG hereafter ) applied Cane's solution to a real-world domain to determine the steady-state thermocline displacement that results from 10 Sv of NADW formation. The steady-state thickness differences between the initial No-NADW state and the final state with NADW after the change in forcing are shown in Fig. 9 . As noted earlier, the experimental procedure causes the globally averaged salinity within the model to increase steadily. The anomalies in this figure have been adjusted to remove the direct effect of the salinity increase; the change in layer thickness is due to temperature changes only (decreasing the average water column temperature by 1ЊC reduces the 0-2000 db thickness by about 300 mm). The thickness in the northern Atlantic increases as the water column is significantly warmer with NADW production than without. The thickness increase in the high-latitude Southern Ocean is also consistent with the weakening of the ACC and the increased presence of the relatively warm NADW in the circumpolar region. The Tropics (20ЊS-20ЊN) of each basin experience a net decrease on the order of 100-300 mm with the Atlantic undergoing the largest change and the Pacific the smallest.
The steady-state displacement of the isotherms in the Atlantic at 30ЊW are shown in Fig. 10a . The displacement in the Tropics is upward above 1500 m (due to cooling) and downward below there (due to warming). The water in the North Atlantic is significantly warmer below 500 m. The upper layer cools due to the increased vertical advection, while the lower layer warms as the relatively warmer NADW replaces the Antarctic Bottom Water and Circumpolar Deep Water originally present. Due to the restoring boundary condition on temperature, the surface temperatures are fixed in the model. If a different boundary condition were included, such as a zero heat capacity atmosphere (Schopf 1983) , the surface temperatures would also reflect the upper-layer cooling. In order to compare these results to those of HCNG, it was necessary to determine which level in the OGCM would be most characteristic of the interface in the two-layer model. By definition, the maximum displacement in a two-layer model occurs at the interface, so the displacement at the level of maximal response in the model's tropical Atlantic (at 764 m) is compared to the HCNG ''open Indonesian Throughflow'' results at 300 m. Figure 10b shows the steady-state, upward displacement through which the isotherms have moved during the spinup. The water in the North Atlantic at this level is now warmer so the displacement there is negative (downward). The largest displacement is along the Brazilian coast at the equator due to its proximity to the forcing region and the zonal barrier that enhances the local convergence and upwelling. In the Indian, the displacement is nearly uniform north of the southern tip of Indonesia (8ЊS), which is nearly identical to the response in HCNG. In the Pacific, the displacement in the equatorial region is larger than in midlatitudes and the weakest responses are in the anticyclonic gyres. It must be noted that due to the thermal relaxation boundary condition, SST in the model is held nearly fixed. As the upwelling increases, however, the model does have to add more heat in the Tropics (ϳ0.4 W m Ϫ2 ) to keep the surface at the same temperature, a sign of cooling.
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The spatially averaged displacements of the isotherms in the Tropics (20ЊS-20ЊN) at steady state at this level are compared to the analytical solution given in HCNG. There is a 128-m displacement in the Atlantic, an 80-m displacement in the Indian Ocean, and a 67-m displacement in the Pacific. These values are almost exactly 20% over the predicted values for each basin (HCNG reports 106 m, 67 m, and 54 m for the Atlantic, Indian, and Pacific, respectively). The net overturning increase is 65% larger here (16.5 Sv vs 10 Sv), but the net outflow across 50ЊN is nearly identical (9.9 Sv). The 20% difference in the response may be tied to this model's weaker friction parameter, the coarser resolution (4Њ vs 1Њ), the more poorly defined interface, and/or the diffusivity in the model. The vertical diffusivity here, while comparable at the surface (0.3 vs 0.36 cm 2 s Ϫ1 ), has a larger value of 0.5 cm 2 s Ϫ1 at the depth of maximum displacement.
Advection versus adjustment
The preceding sections discussed how a change in stratification is communicated from one region to another via baroclinic adjustment waves. Adjustment, however, does not transfer water mass properties to remote locations. In order to determine where the newly formed NADW (and its climatologically important components) goes, a passive tracer is continuously added to the surface of the North Atlantic north of 60ЊN after the change in boundary condition. This tracer is convected into the deep ocean and then advected with the newly formed water mass as it spreads throughout the World Ocean. Figure 11a shows the maximum amount of NADW tracer in the water column after 100 years, which indicates the penetration of the core of the NADW mass. Comparing this figure to Figs. 5a-d reveals the wide disparity between the adjustment and advective timescales, as well as their spatial structures.
Advection does not follow the boundary layer path taken by the adjustment signal (shown in Fig. 1 ) since the flow regime is already near the final state by the time the tracer has achieved a measurable level. Virtually no NADW tracer has left the Atlantic basin by year 100 although the global adjustment to the new stratification is over 80% complete (defined as the ratio of the isotherm displacement to the steady-state difference) at all sites north of the ACC, and completed in the Atlantic. At this time, the deep western boundary current no longer traverses the Atlantic at the equator, but rather, travels all the way down the coast of South America to about 30ЊS where it separates and heads eastward. As the NADW enters the ACC it begins to descend in the water column as it is slightly denser (saltier) than the water present at that level.
The picture after 500 years (Fig. 11b) is even clearer. Some NADW tracer has reached nearly all parts of the World Ocean, although the maximal amount in the northern Pacific is between 1 and 5 parts per thousand at this time. The tongue of tracer in the Southern Ocean is as expected; the maximum at the African coast is quickly advected downstream by the fast moving ACC. The tracer slowly diffuses its way to the south; the contours in Fig. 11b indicate that south of 40ЊS and west of Tasmania, the tracer maximum is always above 2500 m and so is subject to the Drake Passage effect. The tracer is advected northward slightly more quickly in the equatorward western boundary currents along Africa and Australia, but in general, the front seems to diffuse uniformly northward. One notable exception is in the North Pacific, north of the 4000 m contour along the equator and north of New Guinea. Here the maximum of the NADW tracer is in the deepest grid box (at 4776 m) and moves a bit more quickly as the bottom boundary currents are stronger due to the absence of bottom friction in the model. Figure 12a shows the maximum concentration of the NADW tracer 1000 yr after the onset of NADW production. This is also the approximate e-folding time for the NADW tracer in the northern North Pacific; the concentration at the northern extreme is ϳ35% of its steady-state value. Comparing the depths of the NADW maximum in Figs. 11b and 12a shows that there is little change in its relative place in the water column, although there is a slight deepening over time in the Southern Ocean from the Great Australian Bight (ϳ130ЊE) to Drake Passage. It is reassuring that the general location of the NADW core in the water column agrees well with the observational evidence (Reid 1989) .
The flux of the NADW tracer into or out of the water column and the local convective depth are shown in Fig.  12b . In areas where the flux is negative, these fluxes can be thought of as the replacement of 100% NADWcolored water with an equivalent volume of uncolored water. The only location where the tracer is being added (shading) is north of 60ЊN in the Atlantic. Tracer that remains at the surface south of there is removed quickly [ ϭ (50 day) Ϫ1 ]. A fraction of the tracer upwells locally in the tropical Atlantic (ϳ9%), but most of the tracer is carried into the deep ocean and is not reexposed to the surface until it is adjacent to the coast of Antarctica. 
The largest fluxes of NADW tracer out of the ocean are in the Pacific sector of the high-latitude Southern Ocean. The lower-layer velocities (see Fig. 5d ) advect the tracer into the convecting regions (Fig. 12b, contours) in the model's Ross Sea. Of the 8.8 Sv of NADW tracer added north of 60ЊN, 3.3 Sv, or 38%, are removed south of 60ЊS. If only the net color addition north of 20ЊN is considered (6.2 Sv) to remove the effect of the local gyre recirculation, then the amount removed near Antarctica is over 50% of the total.
There is a direct relationship between the tracer flux contours and the convective depth contours throughout most of the Southern Ocean, especially southeast of Africa in the Agulhas Retroflection region where mixing is strong, and in the swath from south of Australia to the southern tip of South America where mode waters are formed (McCartney 1977) . Most of the remaining tracer is removed in the equatorial upwelling regions in the Indian and Pacific basins and there is a very small fraction removed in the northwest corner of the Pacific.
To sum up, the advective timescales of NADW spreading in the model are much slower than the baroclinic adjustment timescales due to the onset of convection in the North Atlantic. The ''interface'' between the ''upper'' and ''lower'' layers responds on the quicker adjustment timescale. Much of the passive tracer input into the North Atlantic convection region does not reemerge at the surface until it is adjacent to the coast of Antarctica. The e-folding time for changes in the average Southern Ocean stratification is a few hundred years and the e-folding time for the advection of North Atlantic properties into the extreme North Pacific is about 1000 years.
Summary and discussion
These experiments were designed to address the spatial and transient differences between the process of baroclinic adjustment, in response to the onset of deep water formation in the North Atlantic Ocean, and the advection of the newly formed North Atlantic Deep Water mass. Stommel and Arons (1960a,b) , Kawase (1987) , Cane (1989) , and Huang et al. (2000) all used a simple two-layer model to study the spinup process and/or the steady state interface displacement due to deep water production. Suginohara and Fukasawa (1988) and Döscher et al. (1994) used primitive equation models with restricted domains and noted the presence of higher order modes, which were not included in the earlier simulations. The main purpose, here, is to compare the relevant timescales of baroclinic adjustment and advection in response to a lower-layer mass source in the North Atlantic Ocean, in an OGCM with a global domain.
The initial condition for this experiment was the steady-state circulation in the model with the NADW production artificially eliminated. When NADW production is initiated, the transient part of the baroclinic adjustment in the OGCM is quite similar to the previous studies; the boundary layer path, the pressure perturbations at the interface, the upper-layer thickness, and the spinup of the lower-layer velocity field are all comparable. The response in the OGCM is insensitive to the choice of model domain (idealized or realistic), the background forcing (Levitus 1982; Levitus and Boyer 1994; Levitus et al. 1994 ; zonally averaged or full fields), and the method by which deep-water formation is initiated or curtailed (salinity anomaly or suppressed convection). A coastal and equatorial boundary layer path connects all three ocean basins north of the ACC: all locations north of the ACC begin to feel the effects of the onset of NADW production in less than 20 yr after the initial pulse. The change in upwelling, and therefore the change in stratification, is spread throughout the World Ocean on the adjustment timescale.
It is found that there is no consistent way to create a very large, instantaneous mass source to the lower layer in the OGCM. The North Atlantic overturning takes several years to reach a significant size, and several decades until it approaches its new equilibrium value. This implies that the oceanic response exhibits some ''inertia'' as it responds to large changes in the deep water formation rate. Coincident with the increase in overturning, the northward heat transport in the Atlantic increases linearly in time and continues to increase for 10-15 yr after the overturning has stabilized (at about year 20). As much as 0.5 PW of heat are transported northward of 20ЊN and over 0.4 PW reach 40ЊN, equivalent to an extra 30 W m Ϫ2 of heat released over the North Atlantic north of 40ЊN. It is known that coarse resolution OGCMs underestimate poleward heat transport (Bryan 1987; Böning et al. 1995; Fanning and Weaver 1997 ), so it is quite possible that the true heat transport could be twice as big as the model response for the same level of overturning. Whether this amount of heat release can be solely responsible for the dramatic warming at the end of the Younger Dryas cold period (5Њ-10ЊC in 20 yr, Severinghaus et al. 1998 ) is unclear. These results are similar to the oceanic component of the coupled GCM experiment by Manabe and Stouffer (1988) in which they observed a warming of 6Њ-10ЊC over the GIN Sea region for the same heat transport (ϳ0.4 PW or 30 W m Ϫ2 ). A ''communication time'' of 20 years to the North Pacific, the most remote part of the World Ocean from the North Atlantic, is much faster than usually cited in the literature. Bryan (1986) cites some observational changes to the deep water properties in the North Atlantic during the 20 yr between large-scale surveys (Brewer et al. 1983; Roemmich and Wunsch 1984) and linked these to thermohaline variability. These changes, however, were local and Bryan (1986) did not address how quickly or where a remote change might occur. Bryan also describes a reorganization of the model's THC within 50 yr. Several authors have discussed internal variability in stand-alone OGCM experiments and
coupled ocean-atmosphere GCM experiments with roughly 20, 50, or 300 yr cycles (Mikolajewicz and Maier-Reimer 1990; Weaver and Sarachik 1991; Weaver et al. 1991; Weaver et al. 1993; Delworth et al. 1993; Greatbatch and Zhang 1995; Drijfhout et al. 1996; Huck et al. 1999 ), but a nonlocal communication time on the order of decades has yet to be examined.
It must be acknowledged that various model features are significantly different from their real-world counterparts. The use of vertical walls as boundaries in the model allows for the ''signal'' to be carried by true Kelvin waves, whereas the real ocean, with its continental shelves and slopes, communicates changes via ''coastally trapped waves,'' a combination of Kelvin waves and shelf waves (Capotondi 2000) . The lack of bottom topography will clearly affect the baroclinic nature of the response but a flat-bottomed ocean with vertical walls was chosen for simplicity and clarity; topography has been included in those locations where flow proceeds from one basin to another and to isolate the North Atlantic polar marginal seas. The timescales presented are dependent on the model's resolution and friction parameterization, which effect both the numerical wave speed and the advective boundary current speed. As with other coarse resolution models, the diffusivity employed is larger than observed, but is necessary for numerical stability. Also, the parameterization of convection in the model is necessarily too simplistic to capture the finer structure of open-ocean convection, but this is not crucial as this study focused on the effects resulting from the process of deep water formation and not the process itself.
These caveats aside, the basic adjustment process in the OGCM is quite robust: deep water formation in the North Atlantic causes the model's upper-layer isotherms to shoal throughout the World Ocean, north of the ACC. Although sea surface temperatures (SSTs) are tightly held to the restoring boundary condition, the model had to add more heat to keep the SSTs constant during the Spinup run. This implies that with increased NADW production, the thermocline has risen and the SSTs have cooled under the fixed thermal forcing. The magnitude of the tropical response is still an open question, but it seems at least plausible that changes in the North Atlantic could have noticeable effects on the strength, timing, and low-frequency variability of ENSO and other tropical phenomena that rely on the upwelling of subthermocline water (Battisti 1988) . If so, a future decrease in the rate of NADW formation and the associated decreased upwelling could affect these major climatic processes, shifting the balance toward one extreme and changing the mean state. The effects of multidecadal variability in the production of NADW on the oceanic structure will be examined in future work.
The patterns of adjustment and advection in the OGCM are quite different spatially as well as temporally. Advection does not follow the boundary layer path; a passive tracer reveals that NADW travels down the eastern coast of the Americas where it joins the ACC after about a century, at which time the adjustment is 80% completed globally (defined as the ratio of the change in isotherm depth to the steady-state difference). The NADW tracer is quickly advected zonally by the strong currents there and is gradually mixed into the model's circumpolar water and spreads southward. Over 50% of the tracer incorporated into NADW is removed from the system near Antarctica, south of 60ЊS. The tracer seems to spread northward from the ACC more diffusively with slightly enhanced advection along the southwestern boundaries of the Indian and Pacific Oceans and along the equator. The e-folding time of the NADW tracer in the model North Pacific is just over 1000 yr. The model successfully reproduces the path and the depth of the NADW maximum, especially in areas of the Southern Ocean where mode and intermediate waters are formed (McCartney 1977; Reid 1989) .
Fluctuations in the strength of the North Atlantic overturning and the poleward heat transport are well documented on millenial, centennial, and decadal timescales. These changes have had a large effect on the climate over Europe and Greenland and it has been suggested that many of the large-scale reorganizations of the entire climate system over the glacial-interglacial cycle are intimately tied to the state of the North Atlantic Circulation (Broecker 1988; Manabe and Stouffer 1988; Charles and Fairbanks 1992) . Recently, however, evidence has emerged from ice cores in Greenland and Antarctica as well as deep-sea sediments that seems to indicate that during global climate reorganizations, changes begin near Antarctica several millennia before changes appear in the Northern Hemisphere (Sowers and Bender 1995; Bard et al. 1997; Petit et al. 1999 ). This study indicates that while the rest of the World Ocean is informed of changes in the North Atlantic quite rapidly, these nonlocal effects are small and are not, by themselves, a mechanism for the various global reorganizations seen in the climate record.
